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Abstract

We present an a priori three-dimensional ‘tomographic’ model of the upper mantle. We construct this model
(called 3SMAC — three-dimensional seismological model a priori constrained) in four steps: we compile information
on the thickness of ‘chemical’ layers in the Earth (water, sediments, upper and lower crust, etc); we get a 3D
temperature distribution from thermal plate models applied to the oceans and continents; we deduce the mineralogy
in the mantle from pressure and temperature and we finally get a three-dimensional model of density, seismic
velocities, and attenuation by introducing laboratory measurements of these quantities as a function of pressure and
temperature. The model is thus consistent with various geophysical data, such as ocean bathymetry, and surface heat
flux. We use this model to compute synthetic travel-times of body waves, and we compare them with observations. A
similar exercise is performed for surface waves and normal modes in a companion paper (Ricard et al., 1996, J.
Geophys. Res., in press). We find that our model predicts the bulk of the observed travel-time variations. Both the
amplitude and general pattern are well recovered. The discrepancies suggest that tomography can provide useful
regional information on the thermal state of the continents. In the oceans, the flattening of the sea-floor beyond 70
Ma seems difficult to reconcile with the seismic observations. Overall, our 3SMAC model is both a realistic model,
which can be used to test various tomographic methods, and a model of the minimum heterogeneities to be expected
from geodynamical modeling. Therefore, it should be a useful a priori model to be used in tomographic inversions,
in order to retrieve reliable images of heterogeneities in the transition zone, which should, in turn, greatly improve
our understanding of geodynamical processes in the deep Earth. 3SMAC and accompanying software can be
retrieved by anonymous ftp at geoscope.ipgp.jussieu.fr.

1. Introduction

1.1. The legacy of the first toinographic nodels
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models of the upper mantle (Nakanishi and An
derson, 1982, 1983, 1984; Woodhouse and
Dziewonski, 1984; Nataf et al., 1984, 1986) showed
the strong correlation that exists between seismic
velocity anomalies and temperature variations as
sociated with plate tectonics. By offering realistic
global variations of seismic parameters, they also
triggered the development of new seismological
theories and methodologies (e.g. Lay and
Kanamori, 1985; Jobert, 1987; Tsuboi and Geller,
1989; Lognonné and Romanowicz, 1990). Finally,
they revealed anomalous regions, such as the very
slow zone in the Red Sea-Afar.

Global models of the lower mantle (Clayton
and Comer, 1983; Dziewonski, 1984) had an even
larger impact. The large-scale features they pic
tured were shown to correlate with the geoid.
The fact that the correlation seemed to have the
wrong sign prompted the development of dy
namic models of the mantle (Lago and Rabinow
icz, 1984; Richards and Hager, 1984; Ricard et
al.. 1984). Using the density anomalies deduced
from the tomographic models, it became possible
to explain for the first time quantitatively the
long-wavelength geoid (Richards and Hager, 1984;
Ricard et a!., 1989). This yielded the idea that the
lower mantle was more viscous than the upper
mantle by a factor of at least 30.

1.2. The flourishing of the recent models

With the ever increasing amount of high qual
ity data, the improvment of techniques, and the
analysis of additional seismic waves, recent mod
els have reached an impressive degree of refine
ment (e.g. Inoue et al., 1990; Montagner and
Tanimoto, 1991; Ekström et a!., 1993; Grand,
1994; Su et al., 1994; see Romanowicz, 1991 and
Ritzwoller and Lavely, 1995 for a review). These
new models appear as one of the main con
straints on mantle convection. Strong statements
on the style of convection have thus been put
forward by seismologists: predominance of large-
scale structure (Su and Dziewonski, 1991); orga
nization of the flow in two large upwellings
(Montagner and Romanowicz, 1993); deep roots
beneath ridges (Su et al., 1992); deep roots be
neath cratons (Hara and Geller, 1994; Wood-
house and Dziewonski, 1984; Su et al., 1994);

strong degree 2 pattern in the transition zone
(Masters et a!., 1982). Evidence for low velocities
beneath hotspots (Zhang and Tanimoto, 1992;
Montagner and Romanowicz, 1993) and for flat
lying slabs in the transition zone (Nataf et al.,
1986) have also been reported.

It is not clear that all these views are compati
ble with other geophysical data. Some tomo
graphic models also appear to be mutually incom
patible, in particular in the transition zone (Nataf
et al., 1986; Romanowicz, 1991). At the same
time, voices have arisen to point out limitations
and biases of the tomographic techniques
(Kawakatsu, 1983; Pulliam and Johnson, 1992;
Mochizuki, 1993; Snieder, 1993).

The main goal of this paper is to build an a
priori tomographic model of the upper mantle
that is compatible with other geophysical data.
We then will show how well such a model can
predict various seismological data sets. We think
that this is a necessary step before new geody
namic constraints can be inferred from seismic
tomography.

1.3. The importance of crustal corrections

The shallow Earth is very heterogeneous:
crustal thickness varies from almost 0 to 70 km.
For surface waves, it was noted very early that
the phase velocity variations due to crustal thick
ness heterogeneities are of the same order as the
total observed variations (Nataf et al., 1984). The
effect of crustal corrections is also large for body
waves. The largest variation is between oceans
and continents. This prompted several authors to
use a simple ocean/continent correction (M84C
in Woodhouse and Dziewonski, 1984). The cor
rection is often assumed to be linear, a somewhat
unjustified approximation. One of the goals of
this paper is to provide a better crustal model to
be used in global seismology.

1.4. Heterogeneities of the lithosphere

One problem with crustal corrections is that
they increase the data variance (Montagner and
Tanimoto, 1991). The explanation is simple: the
crust (slow) is thick over continents, which have a
cold (hence fast) uppermost mantle. A laterally
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heterogeneous a priori model that includes only
crustal variations will therefore provide a worse
fit to the data than a radially symmetric a priori
model.

Some authors were thus led to propose models
that did not include any shallow layer corrections
(M84A in Woodhouse and Dziewonski, 1984;
Tanimoto, 1990). This is dangerous since we do
know that the crust is heterogeneous. A better
approach is to include some a priori information
on the lithosphere as well as on the crust, so that
the a priori model is closer to the actual one. We
will argue that the geophysical information we
use to build an a priori model of the lithosphere
is nearly as reliable as that used to build crustal
corrections.

1.5. Heterogeneities beneath the lithosphere

One of the most striking properties of convec
tive systems is that heterogeneities with a large
horizontal length scale (in fact the scale of the
convective cells) are much larger in the horizontal
boundary layers than in the rest of the fluid
(Turcotte and Oxburgh, 1967; Jarvis and Peltier,
1986; Honda, 1987). In the mantle, because the
viscosity strongly decreases when temperature in
creases, the largest heterogeneities are found in
the upper boundary layer, i.e. the lithosphere
(e.g. Richter et al., 1983). Since the vertical reso
lution of all tomographic methods is rather poor
in the upper mantle, the strong variation due to
the lithosphere will be smeared vertically, and
give rise, in the models, to erroneous deeper
heterogeneities. While such heterogeneities might
exist (in particular in the transition zone), it is
important to assess how large the smearing effect
can be, when realistic lithospheric structures are
considered. We thus adopt a minimal approach:
in our a priori model, we put no heterogeneities
beneath the lithosphere, except for slabs and
hotspot plumes.

Our goal is to test the validity and limitations
of such a three-dimensional seismological model
a priori constrained (3SMAC), which includes the
minimal heterogeneities revealed by various geo
physical, geological, and geochemical observables.

Section 2 describes the general philosophy we

follow to build our a priori model. The following
sections give the actual approach, values and
references, for the various steps used to build
3SMAC-95; ‘chemistry’ in Section 3, ‘tempera
ture’ in Section 4, ‘mineralogy’ in Section 5, and
‘constitutive relationships’ in Section 6. Section 7
compares several predictions of our model with
seismological observations, in particular SS—S and
PP—P body wave residual times, as obtained by
Woodward and Masters (1991). A more thorough
comparison with surface wave data is presented
in a companion paper (Ricard et al., 1996).

2. General philosophy

Our objective is to build an a priori 3D model
of seismologically relevant parameters, in the up
per mantle. We propose the following approach.
We first ‘guess’, from various sources, the chem
istry at different levels: water, sediments, crust,
mantle. We then need to estimate the major
thermodynamic parameters that will control the
mineralogy and the constitutive relationships of
the material. These are pressure and tempera
ture. Pressure is easily related to depth. Much
more difficult, and important, is the determina
tion of temperature. We will apply models, intro
duced to fit heat flux and isostatic topography, in
order to derive temperature. Once we know
chemistry, pressure, and temperature, we can ob
tain the mineralogy at all points from experimen
tal phase equilibrium diagrams. Once we know
mineralogy, pressure, and temperature, we can
calculate the final seismologically relevant param
eters (density, P-velocity, S-velocity, quality fac
tor) by injecting experimental measurements of
density, seismic velocities and attenuation, as a
function of temperature and pressure for all nec
essary minerals.

Clearly, such an approach is too idealistic to
be followed rigorously. For example, there is
hardly any experimental data on the variation of
elastic and anelastic parameters with pressure, at
relevant pressures. On the other hand, our ap
proach is too restrictive: we do not account for
anisotropy, in particular. To do so, we would
need to infer other non-thermodynamic parame
ters, such as the strain and stress history of the
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material (e.g. Kawasaki, 1986; Estey and Douglas,
1986; Montagner and Nataf, 1986; Ribe, 1989).

As a first step, we will stick to our simple
approach, complementing the lack of experimen
tal (or geological) data in various occasions with
pragmatic educated guesses. Note that our ap
proach is very similar to that recently applied by
Dc Jonge et al. (1994) at the scale of the Mediter
ranean region.

2.1. Building 3SMA C-95

The model is defined on a 2° x 2° grid, as
shown in Fig. 1(a). There are 90 elements in
-latitude, and 180 in longitude, yielding a total of
16200 elements. All parameters are constant over
each element. The vertical discretization is not
regular. Indeed, shallow layers such as ice, water,
or sediments, are better described in terms of
layers of variable thickness, rather than in lateral
variations of parameters at a given depth, the
latter being more appropriate for the mantle part
of the model. We thus prescribe a stack of prede
fined shallow layers, as shown in Fig. 1(b). Any of
these layers can be empty at a given location.
Below level kstd, the radii are fixed. The total
number of points, and the radii in most of the
mantle are therefore constant. Parameters are
assumed to vary linearly with radius in each layer.

3. Chemistry

Having set the definition of the important
‘chemical’ layers, the next step is to determine
the thickness of these layers over the globe.

3.1. Ice (continental)

For Antarctica, we use the compilation of
Rand.Sio, as reproduced on the ETOPO5 CDrom
(National Geophysical Data Center (NGDC),
1988). For Greenland, we assume that the base of
the ice is at a constant altitude of 0 m.

3.2. Water and topography

We average the 5’ x 5’ bathymetry and topog
raphy of ETOPO5 (NGDC, 1988) over our grid
elements.

3.3. Sediments

The data base for sediments is far from being
complete. For oceans, we get fairly good coverage
by using a compilation established by Cohn (1993).

(a) North Pole

(1,1) (1,2) (1,3) (1,4)

(2,1) (2,2) (2,3) (2,4)

(3,1) (3,2) (3,3) (3,4)

[lower crust]

[lower crust]
or

olivine

olivine

spinel

y spinel

0 2 4 6 8

longitude

(b) air

[water] or [icel

[sediments]

90

88

86

84

2,3 T=OC

4,5

6,7

8,9

ksid 50 km

keoc 80 km

26,27 ‘410km’

510 km
530 km

33,34 ‘660 km

[upper crust]

perovskite

Fig. 1. Sketch of the discretization used to build 3SMAC. (a)
Horizontal 2° x 2° grid and indexing. (b) Vertical section. The
horizontal boundaries separate layers in which all parameters
vary linearly with depth. Double bars mark discontinuities.
Vertical indexes are given next to the bars. For indexes kstd
and larger, the depth of the boundaries are fixed, starting at
50 km. However, the depths of the ‘410’ and ‘660’ km transi
tions are allowed to vary. Any of the layers in brackets can be
empty at a given location. The 0°C isotherm is fixed at the
base of the water layer.
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It merges data from the Atlantic ocean (Ewing et
al., 1973), the Indian oceans (Matthias et al.,

1988), and the Pacific ocean (Ludwig and Houtz,

1979), between 71°S and 71°N. In the Pacific

ocean, the original data are 2-ways P-wave
travel-times. We convert these to thicknesses, us
ing the velocity laws discussed in Section 6. For
Eurasia, we use a recent file from Fielding et al.

(1993), primarily based on a compilation by Rus

sian scientists (Kunin et al., 1987). For the rest of

the continents and continental margins, we con
structed a 2° x 2° file from the contours of the

Geological World Atlas (1976). Fig. 2 shows our
resulting map of sediment thickness.

3.4. Upper and lower crust

In the oceans, we use the analysis of White et
al. (1992) to assign a uniform thickness of 7 km to
the igneous crust. In a second step, we perform a
correction in order to take into account oceanic
plateaus, oceanic island chains, and regions of
reduced crustal thickness. The correction is based

on the topography analysis of Cohn and Fleitout

(1990). We convert their ‘residual topography’ 5h
into crustal thickness variations oH with OH = 3
Oh.

In the continents, the points at which crustal

thickness is known have a very uneven distribu

tion. This is of concern since the corrections due

to crustal variations can be quite significant, for

Fig. 2. Map of sediment thickness. Note that the color scale is

not linear, in order to accomodate the very small thicknesses

in the oceans, and the large ones at continental margins. We

have no data for the areas left blank.

Fig. 3. Map of crustal thickness. This is the thickness of the

igneous crust beneath the sediments, when identified. The

contour interval is 10 km.

both surface waves and body waves. We start
from a 2° x 2° compilation by Cadek and Mar
tinec (1991). This file is based on compilations by
Belyaevsky and Volkovsky (1980), Belyaevsky

(1981), Allenby and Schnetzler (1983), and Meiss
ner et al. (1987). Over Eurasia, we use the more
recent 0.1° x 0.1° compilation of Fielding et al.

(1993), averaged over our 2° x 2° grid. We modify
crustal thickness over Australia, using data from
Dooley and Moss (1988). The resulting map is
shown in Fig. 3.

For both oceans and continents, we uniformly
ascribe a proportion of 1/3 for the upper crust,
with a maximum of 20 km.

3.5. Mantle

We consider the mantle to be of uniform
chemical composition. Although we have a py
rolitic composition in mind, it does not really
matter in our approach, since we will adjust the
seismic parameters of the mantle to fit the ‘ob
served’ radial seismic models.

4. ‘Temperature’

Temperature variations in the uppermost man
tle are likely to be the main source of seismic
heterogeneities. It is therefore crucial to provide
realistic temperature profiles.

CRUSTAL THICKNESS

0

60 20
0km

180 240 300 360

0

0km I
60 20 80 240 30)) 36))
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4.1. Oceanic lithosphere

In the oceans, temperature is relatively well

constrained by bathymetry and heat flow (Sclater
and Francheteau, 1970; Parsons and Sciater,

1977), and modeling (McKenzie, 1967). Plate

models have been shown to provide an adequate

fit to these data (Parsons and McKenzie, 1978).
We use the plate parameters obtained in the

most recent study (Stein and Stein, 1992), as
listed in Table 1. Although plate models are only

an approximation to the actual physics, they con

tain the important notion that some heat is trans
ported from the mantle to the base of the litho
sphere, limiting the half-space cooling trend. They

are also appropriate for model testing, since tem

perature is completely uniform below the chosen

base of the plate. We consider that the vertical

profile of temperature only depends on the age of

the sea floor. We use the recent 0.1° X 0.1° age
reconstruction of Muller et al. (1993). This compi

lation provides no age data for the Mediter

ranean sea, the circum-Pacific basins nor the

polar regions. In our study, it is important that we

define these regions as oceanic, even if the ages

are not well known. We use various regional

studies to delineate the oceanic basins, and get

an age estimate. Fig. 4 shows the final age distri

bution obtained.

4.2. Continental lithosphere

One of the achievements of global tomography

was to show a remarkable correspondence be
tween high velocity regions and old continental

cratons (Nakanishi and Anderson, 1982; Wood-

-

:

0 60 20 80 240 300 360
OM. L 75M

Fig. 4. Map of the age of the sea-floor. Contour interval is 25

Ma.

house and Dziewonski, 1984). This is consistent

with the idea that the lithosphere is very thick
beneath these cratons (Jordan, 1975). Recent heat

flow measurements in regions with very low

crustal heat production indicate heat flow at the
Moho as low as 12 mW m2 (Pinet et al., 1991;

Guillou et al., 1994). The continental lithosphere

could thicken gradually with age, reaching some
asymptotic regime, mainly controlled by the rhe

ology of the mantle constituents (Fleitout and

Yuen, 1984; Davaille and Jaupart, 1993). For
archean ages, lithospheric thicknesses of 250 km
and heat flows of 14 mW m2 have been pre

dicted (Fleitout and Yuen, 1984). Alternatively, it

has been proposed that the old continental litho

sphere was intrinsically lighter than the ‘normal’

mantle, due to iron depletion (Jordan, 1975). The
thickness of the continental lithosphere could

then be controlled by the initial iron depletion.

Thicknesses as large as 400 km have been pro

posed (Lerner-Lam and Jordan, 1987). In most

Table 1
Thermal plate parameters used in 3SMAC

Ocean Tectonic continent Stable platform Archean craton

Plate thickness a 95 km 200 km 200 km 300 km

Age — 100 Ma 1000 Ma 2000 Ma

Radiogenic temperature Trd 0 250°C

Radiogenic c-depth Zrad —
20 km

Thermal diffusivity K 8 >< i0 m2 s

Thermal conductivity k 3.14W m1 K

Surface ref. adiabat Tj? 1350°C

Adiabatic gradient Gd 0.57°C km’

SEA-FLOOR AGE

1
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tomographic models, the fast signature of cratons
extends at least to 350 km. Here, we will test
models in which the continental lithosphere is
never thicker than 300 km.

It is very difficult to infer the temperature
beneath continents from surface observables. The
age of the lithosphere can be very different from
the age of the rocks at the surface. Even if the
age was well known, the actual temperature pro
file that should correspond is clearly much more
difficult to guess than in the oceans.

We will consider that the temperature distri
bution can be estimated using a plate model
similar to that introduced for the oceanic litho
sphere. A slight extension is needed: crustal heat
production is taken into account, and we impose
that the temperature at the base of a plate is that
given by a reference adiabatic profile at the cor
responding depth. The expressions for the tem
perature and heat flux are given in Appendix A.

Bearing in mind that the estimated litho
spheric age could be completely wrong in some
regions, we have chosen a rather crude regional
ization, with only three regions: archean cratons,
stable continental platforms, and tectonic re
gions. Both the age and the plate thickness are
assumed constant for a given region, as listed in
Table 1. Fig. 5 shows our regionalization. It is
based upon the map of Sclater et al. (1980), with
modifications in Greenland and in eastern China,
where the archean parts have been reduced, in
order to account for the observed tertiary volcan
ism (Laurent Jolivet, personal communication,
1993).

300

400
0 500 1000 1500

Temperature (Celsius)

Fig. 6. Geotherms predicted for various typical oceanic and
continental regions.

In Fig. 6, we compare the temperature profiles
computed for our three continental regions with
the oceanic geotherms.

4.3. Surface heat flux

One of the first predictions of our model is the
distribution of surface heat flux. Fig. 7 compares
our computed values with the recent compilation
by Pollack et al. (1993). The agreement is very
good. One should not be too impressed by this
result: the coverage of heat flow measurements is
still sparse, especially on continents. Therefore,
Pollack’s map combines actual measurements with
‘predictions’ based on these measurements and a
regionalization, also relying on the expected age
of the lithosphere. However, it is important to
note that our thermal model, despite its simplic
ity, produces the proper range of heat flow val
ues.

The construction of the lithosphere of 3SMAC
is now completed, and we turn to deeper thermal
heterogeneities. We assume that below the litho
sphere, the temperature is adiabatic everywhere,
except in slabs and plumes.

4.4. Slabs

Slabs of subducted oceanic lithosphere consti
tute cold patches in the mantle. Assuming that

Geotherms (3SMAC)

100

C

-c

0

200

ocean 0 Ma
-

— ocean 50 Ma
—

— ocean 100 Ma
‘N. US
plalform
archean shield

C

-

TECTONIC REGIONS

0 61) 20 180 240 300 361)

Fig. 5. Regionalization of the continents: tectonic regions in
dark; stable platforms in lighter gray; archean cratons in light.
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Fig. 7. Surface heat flux. (a) Observed, after Pollack et al.
(1993). (b) Predicted from our 3SMAC model. The contour
interval is 20 below 100 mW m2, and 50 above. Note the
general agreement between the two maps.

the temperature anomaly of the slab mainly dif
fuses laterally with time, we can determine the
horizontally averaged temperature anomaly in the
slab (with respect to the adiabatic temperature
profile) from the age of the oceanic plate when it
entered the mantle (the rate of descent is then
irrelevant). The anomaly for one grid cell is
therefore simply computed with our oceanic plate
model (see Appendix A). Although more thor
ough analyses have been proposed at the regional
scale (De Jonge et al., 1994), they are not neces
sary at our rather crude level of resolution (2° x 2°
grid). We need two types of information: the
presence of a slab, and the age (at subduction
time) a slab would have had. The latter is crudely
derived from the present age of the oceanic plates
at the relevant trenches. The presence of a slab is
inferred from seismicity: we use the International

Seismological Center (ISM) catalog of earth
quakes on the time-period 1964 to 1987, available
on CD-ROM, to map slabs around the depths 50,
100, 150, 200, 300, 400, 500, 600 km. Fig. 8 shows
our slabs at two different depths: 150 and 600
km.

Although there is clear evidence from regional
tomography for cold slabs with no seismicity (e.g.
Spakman et al., 1988), we stick to our restrictive
criterion. Our slab model should therefore be
regarded as corresponding to the minimum ther
mal anomalies associated with subduction. Simi
larly, we do not include any possible slab-related
heterogeneity above or below the 660 discontinu
ity. In fact, we hope that the use of a realistic
model of the uppermost mantle, such as 3SMAC,
will enable tomographers to demonstrate the need
for such features in the actual Earth.

C

20 rnW/,& 300 ,W/m

b) HEAT FLUX (3SMAC

61) 20 8(1 240 3(10 360
00mWf,o I , 100 ,,,WI,,’

(8) 120 IS)) 240 300 360
03(0

6)) (21) 180 241) 31(0 360
0M l20M

Fig. 8. Maps of subducted slabs, as deduced from seismicity.
The shades give the approximate age of the plate when it was
subducted. (a) At a depth of 150 km. (b) 600 km.
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4.5. Hotspot plumes

It is unlikely that narrow hotspot plumes can
be detected in global seismic tomography. Plume
material spreading beneath the lithosphere could
possibly produce a detectable signal, as claimed
by Zhang and Tanimoto (1992). Because such a
process is not yet well contrained by surface
observables, we have not included it in our model.
However, for completeness, we have included
hotspot plumes, viewed as vertical cylinders of
hot material across the upper mantle. We postu
late a Gaussian shaped thermal anomaly, with a
maximum temperature of 250°C, and a diameter
of 150 km for all hotspots (see Nataf and VanDe
car, 1993). Our collection of plumes consists of
the 47 ‘standard’ hotspots, as listed by Duncan
and Richards (1991), plus 50 ‘new’ hotspots de
tected by Fleitout and coauthors (Fleitout et al.,
1989; Fleitout and Moriceau, 1992).

4.6. Temperature maps

We now have all the ingredients to calculate
the temperature distribution in 3SMAC. Fig. 9
gives our temperature maps at depths of 50, 100,
and 500 km. At 50 km, the main features are the
cooling of the oceanic plates, and the very cold
stable continental regions. At 100 km, the oceans
are completely uniform (adiabatic), and we start
distinguishing between archean cratons and
younger stable platforms. At 500 km, the only
anomalies are those associated with subducted
slabs and hotspot plumes.

5. ‘Mineralogy’

Once we know chemistry and temperature ev
erywhere in our model, it should be possible to
deduce the mineralogy from petrological relation
ships. Clearly, our ‘chemical’ mapping is too crude
to allow for such a refinement in the crustal
layers. However, we should perform this exercise
in the mantle part. This simply means that we
calculate in what mineralogical phase the mantle
is at different depths. We fix the depth of the

TEMPERATURE fl 510 km (3SMAC)

Fig. 9. Maps of predicted temperatures at different depths: (a)
50 km, (b) 100 km, (c) 500 km. Hot regions are in dark. cold
regions are light. At 500 km. the only anomalies are those
associated to hotspsot plumes and subducted slabs.

olivine —s f3-spinel transition at 410 km, and that
of the y-spinel — perovskite at 660 km, in the
‘normal’ adiabatic mantle. We then calculate the
depth of the transitions in regions will thermal
anomalies, using Clapeyron slopes of 3 MPa K1
(Bina and Hellfrich, 1994) for the former, and
—2.5 MPa K (Chopelas et al., 1994) for the

TEMPERATURE at 5(1 km (3SMAC)

1) 60 121) 81) 240
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300 360
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latter. This yields local deflections in the slabs of
the order of 24 km up for the 410 km transition,
and 18 km down for the 660 km, compatible with
observations by Richards and Wicks (1990), and
Vidale and Benz (1992). However, when filtered
to remove spherical harmonic degrees higher than
8, the deflections are only ± 2.5 km, much smaller
than the ± 15 km deduced by Shearer and Mas
ters (1992), and Shearer (1993), from the analysis
of S660S reflected waves.

6. ‘Seismological constitutive laws’

Our final step is to deduce the distribution of
the relevant seismological parameters from the

distribution of ‘chemistry’, ‘mineralogy’, and tem
perature. We consider the following parameters:
density, P-velocity, S-velocity, and the logarithm
of the quality factor (which is the inverse of
internal dissipation). Remember that anisotropy
is not included in 3SMAC. We assume that all
these parameters, for a given chemistry and min
eralogy, depend upon temperature and pressure
according to:

X(T, z) = [X0+Xz] [1 +XT (T— Tl.ef)].

We choose the reference temperature ‘ef to be
the adiabatic temperature for all mantle miner
alogies, and the surface temperature (0°C) for all

Table 2
Physical parameters used to build 3SMAC

p V V In Ref.

Water 1.02 1.45 0. 6. 1
Ice X0 1. 4. 2. 6. 2
Oceanic sediments 2. 2.4 1.4 4.9 3

X 0.08 0.2 0.1 0.
Continental sediments 2.6 5.5 3.0 4.9 3, 4

X 0.01 0.02 0.01 0. 3, 4
Oceanic upper crust X10ç, 2.6 4.8 2.6 4.9 5

XbOI 2.85 6.0 3.2 4.9 5
XT —0.4 x i0 —0.8 X 10 —1 x 10 0.

Continental upper crust X,0 2.7 6.0 3.5 4.9 4
XbOL 2.8 6.5 3.7 4.9
XT —0.4 x i0 —0.8 x 10”’ —1 x 0.

Oceanic lower crust X0 2.95 6.5 3.6 4.9 5
X 0.02 0.13 0.07 0. 5
XT —0.4 x io —0.8 x —1 x iO 0.

Continental lower crust X5 2.85 6.5 3.8 4.9 4
X 0.003 0.02 0.011 0. 4
XT —0.4 x i0 —0.8 x iO —lx iO 0.

Olivine 3.14 7.433 4.15 3.1 6, 7, 8
X 1.06 x i0 3.89 x iO 1.75 x io— 5. x i0 6, 8
XT —0.33 x i0 —0.9 x 10 —1.1 x 10 —9.x 1O 7

/3-spinel and y-spinel X0 3.41 7.982 4.201 5.4 6, 8
X 0.88 x i0 3.36 x lO 2.12 x iO 0. 6, 8
XT —0.3 x i04 —0.5 x 10”’ —0.75 x iO’ —9.x 1O 9

Perovskite X0 3.90 9.036 4.237 5.7 6, 8
X 0.68 x i03 2.66 x iO 2.59 x iO 0. 6, 8
XT —0.1 x l0 —0.5 x l0 —0.75 x i0 —9.x iO 9

For each chemical/mineralogical layer’, we derive X0, X, and XT (see text). The units are g cm3 for p, km s for V, and J/, for
the reference value X. The depth derivative X has the same unit divided by km. The logarithmic temperature derivative XT is in
K1. The reference depth is the surface. The reference temperature is 0C for all non-mantle layers (above the heavy bar), and the
temperature of the reference adiabatic profile at that depth for all mantle layers. References: (1) Dziewonski and Anderson (1981).
(2) Lliboutry (1965). (3) Hamilton (1976, 1978). (4) Holbrook et al. (1992). (5) White et al. (1992). (6) Kennett and Engdahl (1991).
(7) Jackson et al. (1992). (8) Lesage and Valette (1994). (9) karato (1993).
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shallower layers. For all considered mineralogies,
and all parameters, we thus need the value at
zero depth and reference temperature X0, the
derivative with respect to depth X, and the
logarithmic derivative with respect to tempera
ture XT.

Table 2 lists the values we adopt, and the
sources they come from. Let us insist on a few
specific points.

6.1. Depth dependence

For the mantle, the pressure derivatives are
rarely available at the relevant pressures. They
can be extrapolated using thermodynamic the
ory, and a precise choice of chemical composition
(Duffy and Anderson, 1989; Vacher et al., 1996).
Here, we adopt a more pragmatic stand-point:
since in our model the mantle is almost entirely
adiabatic below 300 km, we deduce the depth
derivatives of V and V from the slopes dis
played by the seismological radial model iasp9l
(Kennett and Engdahl, 1991). This ensures that
our a priori model has the ‘correct’ parameters in
the regions where we predict no thermal hetero
geneities. Similarly, the depth variation of density
and ln is taken from the recent reference
radial model of Lesage and Valette (1994). How
ever, the reference value of In at the surface
and adiabatic temperature (1350°C) is deduced
from Jackson et al. (1992).

Note that in the upper crust, we do not con
sider a true depth variation, because the large
variation with depth there rather reflects a pro
gression in mineralogy. Therefore, we fix the val
ues of the parameters at the top and bottom, at
the reference temperature.

6.2. Temperature dependence

Seismic velocity heterogeneities due to tem
perature variations in the upper 300 km of the
mantle (hence in the ‘olivine’ field) are likely to
be the main component of our final model. It is
therefore crucial to evaluate the temperature
derivatives for ‘olivine’ as well as possible. These
derivatives are available from laboratory experi
ments for all major minerals of an olivine pen-

odotite. Coefficients for pyrolite and piclogite
have been computed by Estey and Douglas (1986).
However, it was pointed out by Karato (1993)
that these might not be relevant for observed
seismic waves, because they are obtained from
velocity measurements at ultrasonic frequencies
(1 MHz). He noted that, due to internal friction,
the derivatives could be up to 100% larger, when
estimated at seismic frequencies (1 Hz). A few
measurements of shear modulus and internal fric
tion for peridotite at seismic frequencies are now
available (Berckhemer et al., 1982; Gueguen et
al., 1989; Jackson et al., 1992). We use these data
to estimate the following derivatives at our refer
ence frequency of 1 Hz:

1 8V
— = —1.1 x io K’
V aT

1 aiJ
—0.9x i0- K1

V, T

1 alnQ
= —9 x iO K.

1nQIL iT

The value for S-velocity is about 50% higher than
the ultrasonic one deduced from Estey and Dou
glas (1986). The value for P-velocity is similar to
that derived independently by De Jonge et al.
(1994). Note the very strong variation of Q with
temperature: at a depth of 200 km, Q, = 50 at
the adiabatic temperature, Q, = 100 for a tem
perature 200 K below the adiabat.

6.3. Crustal velocities

Because both the composition and the thick
ness of the crust are so different between oceans
and continents, the choice of velocities in the
crust will have a profound effect on the overall
seismological signature of oceans and continents,
especially as seen by body waves. We base our
choice on compilations by White et al. (1992) for
the oceanic crust, and by Holbrook et al. (1992)
for the continental crust. However, it is worth
noting that the data for S-wave velocities is very
sparse. Dispersion of short-period surface waves
would be of great help in constraining that part
of our model (Trampert and Woodhouse, 1995).
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Fig. 10. Maps of predicted S-wave velocities at different
depths (a) 50 km, (b) 100 km, (c) 200 km. We plot the
percentage variations from the average value (given below the
legend). The contour interval is 1% for (a) and (b), and 0.5%
for (c).

7. 3SMAC predictions

Fig. 10 shows maps of S-velocity hetero
geneities in model 3SMAC at depths of 50, 100,
and 200 km. Note the strong signature of the
East-Pacific ridge at 50 km, with anomalies up to

6%. At 100 km, the only anomalies are those
associated with continents, with amplitudes up to
6%. Fig. 11 shows the same thing for the quality
factor Q. Note the strong variations, with as
low as 20 beneath ridges, and up to 400 beneath
archean cratons.

80

Fig. 11. Maps of predicted quality factor Q for S-waves at
different depths: (a) 50 km, (b) 100 km, (c) 200 km. The color
scale is logarithmic. Each Contour corresponds to a multiplica
tion of Q,0 by a factor of 1.5.
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6371
iasp9l
W.US

6171

8

anaSub1

VP (kmls)

Fig. 12. Comparisons between our predicted seismic profiles
in various regions with ‘observed’ profiles, for P-waves. The
iasp9l model (Kennett and Engdahl, 1991) is plotted in both
graphs. (a) ‘Observed’ seismic models: GCA (Gulf of Califor
nia) from Walck (1984), PA2 (100 Ma Pacific Ocean) and EU2
(Eurasian shield) from Lerner-Lam and Jordan (1987). (b)
Predicted seismic profiles in 3SMAC: they can be compared
directly with the corresponding observed profiles. The profile
‘Mariana Sub.’ is for a subducting slab.

Fig. 13. Same as Fig. 12, but for S-waves. The ‘observed’
seismic models are: TNA (Gulf of California and W. US) and
SNA (Canadian shield) from Grand and Helmberger (1984a)
and PAC (100 Ma Pacific Ocean) from Graves and Helm
berger (1988).

from the trial-and-error fit of waveforms of waves
that interact with the upper mantle discontinu
ities (Walck, 1984; Grand and Helmberger,
1984a,b; Graves and Heimberger, 1988; LeFevre
and Helmberger, 1989; Zhao and Heimberger,
1993). This technique probably provides the best
depth resolution of all seismological methods (see
also Lerner-Lam and Jordan, 1987), with the
drawback that the structure is assumed to be

7.1. Comparisons with regional seismic profiles

Velocity profiles have been derived for both P
and S-waves for various tectonic regions. In par
ticular, Heimberger and his many students have
produced quite a collection of models, deduced
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laterally homogeneous over several thousands of
kilometers.

In Fig. 12, we compare P-velocity profiles pre
dicted by our model in various regions with these
‘observed’ profiles. Three observed profiles are
shown in Fig. 12(a): the GCA model of Walck

(1984) was derived for the Gulf of California,
PA2 (Lerner-Lam and Jordan, 1987) is for a part
of the Pacific Ocean with ages around 100 Ma,
and EU2 (Lerner-Lam and Jordan, 1987) is a
model for the Eurasian shield. Average model
iasp9l (Kennett and Engdahl, 1991) is also drawn

n431. . - 6 •..
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Fig. 14. Maps of observed PP—P (a) and SS—S (b) travel-time residuals plotted at the surface bounce point of PP (or SS). From

Woodward and Masters (1991).
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for reference. In Fig. 12(b), we draw the profiles
obtained from our model for the same regions:
western US, 100 Ma-old ocean, and Siberian
shield. We observe that the range of predicted

variations is similar to the observed one. How
ever, we predict very steep negative velocity gra
dients in the oceans. It would be interesting to
test such models against actual observations. In

PP-P TRAVEL-TIME RESIDUALS (DELTA=90)
I I

-8s I

corrected for topography

corrected for topography

Fig. 15. Maps of travel-time residuals predicted by our a priori 3D tomographic model 3SMAC. (a) PP—P residuals plotted at the
surface bounce point of PP (for a hypothetical epicentral distance = 9O, and a period of 25 s). The contour interval is 1 s. (b)
Same for SS—S. Contour is 2 s. The residuals are corrected for topography, for direct comparison with those of Fig. 14.
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these regions, our model has no heterogeneity
below 300 km. in contrast with the ‘observed’
profiles. For comparison, we also plot in Fig.
12(b) the profile we predict for the Mariana sub
duction zone. The cold slab produces large veloc
ities at all depths (except near the surface, be
cause the oceanic age at the surface happens to

be zero), and deflections of the 410 and 660 km

discontinuities.
Fig. 13 performs a similar comparison for S

waves. Three observed profiles are shown in Fig.

13(a): The TNA model of Grand and Heimberger

(1984a) was derived for the western US and Gulf

of California, PAC (Graves and Heimberger,

1988) is for a part of the Pacific Ocean with ages

around 100 Ma, and SNA (Grand and Helm
berger, 1984a) is a model for the archean Cana
dian shield.

7.2. Comparisons with global maps of trar’el-times

Woodward and Masters (1991) have obtained

SS—S and PP—P residual travel-times from the

U)

C
0
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C))

Cl)
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2 4 6 8 10 12
112

(seafloor age) lMa’12]

Fig. 16. Variations of SS—S residuals (corrected for topogra

phy) predicted from 3SMAC, as a function of the square root

of the age of the sea-floor. We plot the mean and the

standard deviation of the data on 5 Ma bins. This result can

be compared with Fig. 19 of Woodward and Masters (1991),

except that they plot the standard deviation of the mean

(about ten times smaller than that of the data (G. Masters,

personal communication, 1994)). The fit to data for ages less

than 64 Ma is almost exactly the same at theirs.

I,
10 r 3SMAC residuals

U)

—10-

—4 —2 0 2 4

PP-P residual [seconds]

Fig. 17. ‘SS—S versus PP—P residuals (corrected for topogra

phy) predicted by 3SMAC. This plot can be compared with

Fig. 13 of Woodward and Masters (1991). We obtain a very

similar correlation, with tss_s = 2.5

analysis of long-period digital seismograms. As
suming that most of the residual is due to hetero
geneities in the upper mantle beneath the surface
bounce point of SS (or PP), they have produced
maps such as those shown in Fig. 14. Making the
same assumption, we can calculate similar travel-
time anomalies, as predicted with our model. We
set up a method, described in Appendix B, to
compute residual travel-times that take into ac
count changes in the ray geometry due to the
heterogeneities. Fig. 15 shows our predicted PP—P

and SS—S travel-time anomalies, computed for an
epicentral distance of 90°, and corrected for to
pography for direct comparison with those of
Woodward and Masters. Both the amplitudes and
the patterns of the heterogeneities are rather well
reproduced.

In the continents, the slowest region is the
Tibetan plateau, with SS delays up to 7 s, while
the archean shields are the fastest, with delays of
—6 s, in good agreement with the observations.
In detail, there are a number of discrepancies,
with observed ‘shield-like’ values, where we ex
pect younger signatures, and vice-versa. In the
oceans, the total predicted variations are about 5
s, smaller than the observed ones. Fig. 16 shows
the variation of the SS—S residuals (corrected for
topography) as a function of the square root of
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age for all oceans. The plot can be compared with
Fig. 19 of Woodward and Masters (1991). Again,
the predicted total variation is less than the ob
served one, but we note that the fit to ages less
than 70 Ma is —0.47 s Ma1”2,almost the same
value (—0.51) as reported by Woodward and
Masters. The deficit of negative delays in our
model is essentially due to the lack of variations
beyond 70 Ma, a consequence of the plate model
we use (Stein and Stein, 1992).

We obtain similar results for PP—P residuals.
Fig. 17 is a plot of 55—S residuals versus PP—P
residuals (both corrected for topography) from
our model, it can be compared with Fig. 13 of
Woodward and Masters. We obtain a very similar
range of values. The two types of residuals are
strongly correlated, with in
good agreement with the observations.

8. Conclusion

We have derived an a priori ‘tomographic’
three-dimensional model of the upper mantle,
using information from many different branches
of the Earth sciences. Special attention was given
to crustal thickness variations, which contribute
significantly to lateral heterogeneities as seen by
body waves and surface waves. Most of the re
maining lateral variations in these data sets can
be attributed to temperature variations in the
uppermost mantle. We have used a ‘plate model’
to predict the profiles of temperature versus depth
beneath oceans (as a function of age) and conti
nents. Our model and accompanying software can
be obtained through anonymous ftp to
geoscope.ipgp.jussieu.fr. We welcome further in
put and comments to improve this model.

Assuming a variation of S-velocity with tem
perature 50% higher at seismic frequencies (1
Hz) than experimentally derived at ultrasonic fre
quencies (1 MHz), we predict lateral variations in
S-velocities that are in very good agreement with
those deduced from the observations of SS—S
travel-time anomalies (Woodward and Masters,
1991). A similar agreement is obtained for PP—P
anomalies, the two being correlated. The pre
dicted correlation = is very simi
lar to the observed one.

In the oceans, the variation with age of SS—S
delays predicted by 3SMAC is very similar to the
one obtained from observations by Woodward
and Masters (1991). However, the plate model we
use (Stein and Stein, 1992) produces no variation
for ages larger than about 70 Ma, in contrast to
the observations. This suggests that the oceanic
plate continues to thicken with age at old ages, or
that cold blobs detached from the lithosphere
(Agnon and Lyakhovsky, 1995) are seen by the SS
waves. Alternatively, the SS waves might be see
ing deeper structure, in the transition zone, which
is not included in our model. On the other hand,
the data do not seem to require any ‘active’
upwelling beneath ridges.

All these tests suggest that our model, based
on the knowledge we have of crustal variations,
and on the minimal thermal anomalies we can
infer from geodynamical modeling, accounts for
the bulk of the observed heterogeneities in the
upper mantle. We therefore argue that it can be
used as a realistic model to test various tomo
graphic inversions. Such tests performed on sur
face waves and normal modes are presented in a
companion paper (Ricard et al., 1996). We also
think that 3SMAC can be used as an a priori
model for future tomographic inversions. Clearly,
there is more in the Earth than what we put in
3SMAC, and that missing part is the interesting
one! We think that starting from this minimal, yet
realistic, model will improve the resolution of the
deeper heterogeneities.

3SMAC can be improved in a number of ways.
There is a lack of data on S-velocities in the
crust. The dispersion of short-period surface
waves could bring some useful information. Ages
and temperatures beneath continents are difficult
to obtain. It is probably in this domain that
regional tomography can contribute most. More
generally, we think that an international effort of
compilation of additional data could lead to an
improved a priori model.
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Appendix A. Temperature profile in a plate with
crustal heat production and adiabatic back
ground

The classical plate model (McKenzie, 1967;
Stein and Stein, 1992) assumes that the tempera
ture Tbase at the base of the plate is fixed. The
thickness a of the plate is also fixed, as well as
the plate velocity U in the x direction. The initial
vertical temperature profile is T(t = 0, z) = Tbase.

Sciater and Francheteau (1970) proposed two ex
tensions: the initial vertical profile is an adiabat,
and radiogenic heat production H is present in
the plate. One then solves the heat equation:

T aT a2 2T H
—+U—=K
at ax ax- az2

where K = k/pC is the heat diffusivity, k is the
thermal conductivity, p density, and C, heat Ca
pacity.

The initial vertical temperature profile follows
the adiabat, given by:

Tad 7 + GadZ.

The temperature imposed at the base of the plate
is also the ‘adiabatic’ one:

Tbase = Tad(Z = a).

In order to treat the case of the continents, we
assume that the volume heat production is of the
form:

we characterize H9 by the temperature increase

Trad it yields at the base of the radiogenic layer at
long times:

HOZad
Trad

k

We then derive the following steady-state solu
tion (neglecting horizontal heat diffusion):

z T.d Z

T(t,Z)=Tbase _+[1__(1_eo)_ed]
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with E = e/zrd, which is often small, and e, =

(—1)’s0.
The heat flux at the surface becomes:
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In the absence of internal heat production, the
thermal anomaly averaged over the thickness of
the plate is:

fa[T(t z) - T0(z)j . dz
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Appendix B. Quasi 1D body wave travel times
with some effect of ray geometry

We want to compute travel-time anomalies in
our 3SMAC model. The simplest quasi 1D way to
do so is to integrate along a given ray the slow
ness vertical profile for each 2° x 2° cell of our
horizontal grid. This assumes that the ray sees
the same vertical distribution during its trip in the
heterogeneous uppermost mantle. This assump
tion is certainly violated in columns with hotspots
or slabs, but is quite reasonable to describe the
longer wavelength features, such as ocean versus
cratons, and so on.

But what ray should we choose? For a given
epicentral distance , one would classically
choose the ray given by a reference model. We
can be more realistic by letting the ray be bent in
the heterogeneous region. We thus choose a ray
parameter value p0 (the one which yields the
appropriate in the reference model), we trace
(1D) the ray in the heterogeneous uppermost
mantle (down to 350 km), and compute its travel
time t and epicentral increment & We then con
tinue the ray with the same ray parameter in the
radial reference model. The total epicentral dis
tance S is usually different from the required
one, and we iterate on the ray parameter p to get
the proper value.

With this method, we can assess in a self-con
sistent fashion the error made by assuming that
SS and S rays (for example) are affected by the
heterogeneous structure beneath the station in a
similar way. This assumption is the basis for all
differential phase studies, such as SS—S, ScS—S,
PP—P, etc. For an epicentral distance of 90°, we
find that the maximum error is only ±0.5 s for
SS—S, to be compared with the total anomaly of

±8 s, due to structure at the SS surface bounce
point. This confirms the validity of the approxi
mation used in differential studies. However, we
note that the pattern of errors is very systematic,
with negative errors over cratons, and positive
ones in young oceans.
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