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ghly active basaltic volcano located on La Réunion island. With the aim of gaining
information on its 3D internal structure, we carried out a 3D tomographic inversion based on P-wave first
arrival times for earthquakes recorded by the local seismic monitoring network of the Observatoire
Volcanologique du Piton de la Fournaise (OVPF). We used data recorded between 1996 and 1999 during inter-
eruptive periods as well as during the pre-eruptive swarms which preceded the eruptions in March 1998, July
and September 1999. Volcano-tectonic activity below the volcano ismostly located at shallow depth, above sea
level and below the central cone. However, the seismic crisis which preceded the March 9, 1998 eruption
included a large number of events at greater depth providing an unprecedented data set which sheds light on
the deep structure of the volcano. The tomographic technique which we used is based on an accurate finite-
difference travel-time computation and a simultaneous probabilistic inversion of both velocity models and
earthquake locations. The inversion is carried out using an improved technique which allows towell constrain
the inversion parameters. This processing provides high quality stable tomographic images.
The obtained P-wave velocity model confirms the presence of a high-velocity plug above sea level, under the
summit craters. This anomaly is interpreted as corresponding to an intrusive, solidified dyke-and-sill complex
with little fluidmagma storage. The high number of hypocenters in the zone above sea level accounts formassive
rock fracturing when magma rises toward the surface. The shallow high velocity plug is surrounded by a low-
velocity ring known as being fractured and vesicular lavas or scorias located on volcano flanks. Two low-velocity
anomalies are found below the summit caldera. The most superficial spreads from 1 km to 0 a.s.l.. The second is
located below 1 km b.s.l.. These volumes may correspond to magma storage systems. They are separated by a
relatively high velocity volume at sea level with a strong velocity gradient reaching 0.6 km/s per km.

© 2008 Elsevier B.V. All rights reserved.
1. Introduction
Seismic tomography is a major tool allowing to gain information
on the structure below the ground surface through the assessment of
the propagation velocity of seismic waves through the medium (Aki
and Lee, 1976). It supplies an image of the structure based on the
spatial distribution of seismic velocities obtained from earthquake
travel times. The interest of the method relies in the fact that the
velocities are representative of the physical properties of the medium
which they cross. However, these velocities can bemodified by various
physico-chemical factors such as variations of ambient temperature
and pressure, the nature of rocks and mineral phases, the degree and
type of fracturing of the environment, the stress field, the porosity or
the degree of saturation in fluids (Vanorio et al., 2005; Alfaro et al.,
2007).
attaglia).

l rights reserved.

P-wave velocity structure of
erm. Res. (2009), doi:10.1016
In the case of volcanoes, velocity variations can be due to contrasts of
density or differences of rheology existing between melted rocks in the
magmatic reservoir, and the surrounding rocks. Waves will propagate
faster in dense materials such as magmatic intrusive complexes
(Nercessian et al., 1996), solidified dykes, deposits of massive lava
flows (Molina et al., 2005) or hardened and strengthened tuffs (Benz
et al., 1996). Velocities will be lower if rocks are highly fractured or
hydrothermally and chemically alterated (Benz et al., 1996; Garcia-
Aristizabal et al., 2007), if there are volcanoclastic depositswhich are not
strengthened, less dense and porous (Molina et al., 2005; Alfaro et al.,
2007), if the temperature is high or if there is a strong proportion of
magma in the structure (Nercessian et al., 1996). Therefore tomography
on volcanoes is a useful tool to identify major geological structures such
as fluid storage systems and intrusive complexes.

At Piton de la Fournaise the velocity structure is mostly known on a
fine scale for areas below the summit of the volcano and above sea
level (Nercessian et al., 1996). This is mainly due to the very small
number of events recorded below sea level since the installation of the
OVPF in 1980 and prior to theMarch 1998 eruption. Indeed during this
Piton de la Fournaise volcano deduced from seismic data recorded
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whole period most of the seismicity was found above sea level and
below the central cone with no or few deeper events which could be
related to magma transfers at depth (Lénat and Bachèlery, 1990).
Recently, Brenguier et al. (2007) used ambient noise to determine the
surface-wave velocity structure, and therefore the S-wave velocity
structure, of the shallow part of the edifice. On a larger scale, based on
active shots, Gallart et al. (1999) provided a 2D P-wave velocity model
for the entire island and surrounding oceanic crust, along a section
passing north-west of the volcano.

TheMarch9,1998pre-eruptive crisis,which lasted formore than36h,
includedmore than 3100 earthquakes withmost of the events occurring
belowsea level. Theirhypocenters describe aquasi-continuouswayalong
which the activity migrated to the surface (Battaglia et al., 2005). This
activity thus samples the zone located under the summit from 6 km
below sea level up to the surface including areas showing previously no
activity. This sampling is favorable for the investigation of seismic
velocities below the summit caldera.

The purpose of this study is to obtain a new tomographic image of
the Piton de la Fournaise volcano using the earthquakes recorded
between 1996 and 1999. This work will allow us highlighting deeper
zones of the volcano plumbing system as compared to previousworks.

2. Geological settings

La Réunion island is a volcanic island located in the Indian Ocean
(21°07'S–55°32'E), about 700 km east of Madagascar and 200 km
southwest of Mauritius. It is related to the activity of a hot spot from
which also arose the Mascareigne Plateau and Rodrigues and Mauritius
islands. La Réunion island is the youngest island, its activity began about
5 My ago, and reached the surface about 2 My ago (Bonneville, 1990).
The island is build on the oceanic floor at 4000m depthwhere it has an
average diameter of 220 km. Only 3% of its total volume appear above
sea level. The island is 72 km long and 51 kmwide, that is a surface of
2512 km2, and is stretched out according to a direction N120°. It is
composed of two shield volcanoes, the Piton des Neiges volcano, which
is 3069 m high and the Piton de la Fournaise volcano, 2631 m.

Piton de la Fournaise is a basaltic volcano located in the southeastern
part of the island. Its activity began 530000 years ago and is comparable
to that of Hawaiian volcanoes, with periodic emissions of lava and
sometimes more explosive eruptions. During the evolution of this
volcano, three successive calderas formed, respectively, the Rivière des
Remparts, the Rempart des Sables–Rivière de l'Est and the Rempart de
Bellecombe (Gillot and Nativel, 1989). The most recent which corre-
sponds to the Enclos Fouqué is about 5000 years old and is horse-shoe
shaped and opened toward the sea at east. The summit of the Piton de la
Fournaise is located in the Enclos Fouqué and is characterized by the
presence of two craters: Bory in the west is smallest and now inactive
and Dolomieu in the east which is the starting point of numerous recent
eruptions, as well as the site of a major collapse in April 2007 (Michon
et al., 2007). From the summit, twomain radial fracture zones have been
defined by Bachélery (1981) extending in the directions north 170 and
10°. Those fracture zones are interpreted as active rift zones.

The volcano is one of the most active in the world with a mean time
between consecutive eruptions during the past two centuries of about
10 months (Stieltjes and Moutou, 1989). Most of the eruptions occur
alongfissures inside the Enclos Fouqué. From1980 to 1992, 28 eruptions
occurred, with most of them being only preceded by short duration
seismic crises, including only earthquakes located above sea level. A
pause in the activity was observed between 1992 and 1998 when the
activity resumedwith an eruptionwhich lasted formore than 6months.
Since 1998 the eruptive activity is intensewith 2 to 4 eruptions per year.

3. Data selection

The volcano is monitored since 1980 by the OVPF which is located
15 km from the summit and has permanent networks which monitor
Please cite this article as: Prôno, E., et al., P-wave velocity structure of
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deformations, seismicity, magnetic field variations and Radon emis-
sions. Campaign-style surveys complete these networks, including
GPS measurements, gravimetry, electric resistivity and spontaneous
polarization.

Seismic data used in our study were recorded by the permanent
seismic networkwhich included at that time 19 stations (Fig.1) mostly
located in the volcano area. Most of the stations are equipped with
short period, one-component, 1-Hz vertical Mark Products L4
seismometers. Stations Bor, Pbr and TCR also include two horizontal
components. At the time of our study, the data were recorded with
a triggered mode and the acquisition was made with a sampling
frequency of 100 Hz.

Our study is based on seismic events recorded between March 2,
1996 and September 28,1999.We used data recorded during both inter-
eruptive periods and during the pre-eruptive swarms which preceded
the March 9, 1998 and July and September 1999 eruptions. Most of the
eruptions of thePiton de la Fournaise are precededby short pre-eruptive
swarmsof volcano-tectonic events locatedmainly above sea level, under
the summit. The crisis which preceded the March 9, 1998 eruption is
particular as it included a largenumberof earthquakes locatedbelowsea
level and lasted for more than 36 h. Inter-eruptive seismicity mostly
includes shallow earthquakes below the central cone.

Our initial database includes a total of 1110 volcano-tectonic events
recorded by the 13 stations of the monitoring network situated in our
tomography area with both P and S arrival times obtained by manually
picking the waveforms. This set includes 229 events recorded in 1996
and 1997, 167 recorded in 1998 before the onset of the March 9 pre-
eruptive swarm, 569 recorded during the swarm, 51 recorded in 1998
after the onset of the eruption and 94 earthquakes recorded mostly
during the 2 pre-eruptive swarms which occurred in 1999. Preliminary
locations were obtained using a modified version of the software
HYPO71 (Lee and Lahr, 1975) adapted to take into account station
elevations. For this purpose, we used a 1D velocity model used for
routine location by theObservatory composed of 8 layerswith velocities
ranging from 3.5 km at the surface to 8.0 km/s at 30 km below sea level.

For this tomographic study we selected from the initial data set the
best constrained events located inside our tomographic volume, with
at least 6 phase pickings, a RMS time residual smaller than 0.2 s and an
azimuthal GAP smaller than 180°. In the end, 861 events were retained
(Fig. 2) providing 7965 P-wave arrival times. Due to the low coverage
of stations with horizontal components where S waves can be iden-
tified reliably, we disregard S arrival times for tomography purpose
and only present results for P-wave tomography.

4. Tomographic method

We performed a three-dimensional travel-time tomography using
the probabilistic algorithm of Monteiller et al. (2005). Theoretical
travel-times are computed using the Podvin-Lecomte finite-difference
algorithm (Podvin and Lecomte, 1991) and a posteriori ray computa-
tion. Re-computation of travel-times along the ray allows to reach a
relative accuracy better than 10−4 s.

Earthquake tomography belongs to a class of non-linear and ill-
posed optimization problems whose solution has been discussed by
Tarantola and Valette (1982) and Tarantola (1987). The tomographic
problem should be written in a functional form

g mð Þ = d ð1Þ

where g represents the functional used to solve the direct problem,m
is the vector containing model parameters, and d the travel-time data.
The purpose of the inverse problem is to find a modelm fitting to best
the measured data d.

In the hypothesis that both data and model parameters have a
gaussian distribution, Tarantola and Valette (1982) proposed for
solving the inverse problem to minimize a cost function which is a
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 1. Map of the eastern part of Réunion Island with the 13 seismic stations of the monitoring network used in this study represented as triangles. Isolines are spaced every 200 m and
geographical coordinates are Gauss-Laborde kilometric coordinates. The limits of the global grid (dot-dashed line) and local grid (black line) used for tomography are also shown.
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weighted sum of the data misfit (RMS) and a penalty function (the a
posteriori model variance):

g mð Þ−dð ÞTC−1
d g mð Þ−dð Þ + m−m0ð ÞTC − 1

m m−m0ð Þ ð2Þ

where Cd, Cm and m0 are respectively the data covariance matrix, the
a priori model covariance matrix and the a priori model vector. Data
are fitted in an iterative process using a minimal perturbation of the
model, controlled by the penalty function. Using the Gauss-Newton
scheme to minimize the cost function leads to write the perturbation
vector δ mk=mk+1−mk at iteration k

GT
kC

−1
d Gk +C−1

m Þδmk =GT
kC

−1
d d−g mkð Þð Þ +C−1

m m0 −mkð Þ
�

ð3Þ

an equation which may be written as
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Thereforeminimizing Eq. (2) is equivalent to solving iteratively the
system:

C−1=2
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C−1=2
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δmk =

C−1=2
d d−g mkð Þð Þ
C−1=2
m m0−mkð Þ

 !
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Solving Eq. (5) implies the computation of Cm−1/2, whose total number
of elements (the square of the number of parameters) may be as high as
1012. To avoid the inversion ofCm, Monteiller et al. (2005) designed a fast
and accurate direct approximation of Cm−1/2 in the case where the
correlation between velocity parameters (located respectively at
positions ρ and ρ') is expressed by the L1-norm correlation function:

Cv ρ;ρ0ð Þ = σ2
ve

−jρ−ρ0 j
λ ð6Þ

where σv
2 is the variance of the velocity for the node located at ρ, and λ

is a correlation length.
The rapid solution of Eq. (5) allows the exploration of numerous

values of λ and σv and the choice of an optimal quantity of a priori
information and an optimal model. The solution remains stable even
when the data constrain poorly the model. We discuss hereafter the
choice of the optimal parameters λ and σ for our tomographic setting.
Notice that minimizing the cost function (Eq. (2)) rather than only the
misfit function ensures that the model found is the simplest possible:
its variation from the a priori knowledge is minimal in amplitude and
in number of independent parameters.

5. Model description

5.1. Volume of interest

In the tomography program which we use, each velocity model is
described by a 3D grid of regularly spaced nodes on which the P-wave
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 2. Location of the 861 volcano-tectonic events recorded between 1996 and 1999 used for our tomographic study. The events which occurred during the March 1998 pre-eruptive
swarm are shown in grey (574 events) and the other events are shown in black (287 events). Map view and north-south and east-west cross-sections are presented. The position of
the local tomography grid is shown on the horizontal cross-section.
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velocity is computed. To study the structure of the volcano, we
consider two grids with different sizes: a large one covering the entire
volcano and a smaller one close to its summit. The origin of the large
grid, situated in its the middle, is located in the Enclos Fouqué at 3 km
in the NNE of the Piton de la Fournaise summit (Gauss-Laborde
coordinates: 39 km N, 180 km E, 0 km a.s.l.) (Fig. 1).

We first compute a P-wave velocity model at the scale of the
volcano (10-km scale), hereafter referred as the global grid. It includes
all source-station paths. This grid is 15 km NS, 20 km EWand 10 km in
depth. We use a spatial sampling of 500 m horizontally and 250 m
vertically. We also define a second, denser grid near the center of the
global grid (Fig. 1) whose purpose is to provide a more precise image
in the area where the resolution is the best. It is 3 km large in both NS
and EW directions and 7 km vertically. It is hereafter referred as the
local grid. In this grid the spatial sampling is 100 m both horizontally
and vertically. Each tomography run on a local grid is preceded by a
run on the global grid. The starting velocity model of the local
tomography is then extracted from the 3D velocity model resulting
from the global run.

To allow a precise computation of travel times by solving the
eikonal equation with a finite difference algorithm, the 2 previous
tomographic grids are re-sampled using tri-linear interpolation. For
Please cite this article as: Prôno, E., et al., P-wave velocity structure of
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both local and global grids, these “fine” grids are sampled with a 50 m
spacing in all directions.

5.2. Model parameters

It is possible with tomography to obtain a whole range of solutions
that will fit equally well a given data set. The choice of the best model
in that range is done by choosing the result with the lower degree of
freedom (Akaike, 1974; Tarantola and Valette, 1982), i.e. the simplest
model. Among the settings which have an important influence on the
final tomographic model are the parameters which control the
inversion procedure. In present paper we use a procedure which
uses “interpretable” parameters: the correlation length and the
uncertainties on the different a priori parameters. We tested various
values for those parameters to determine their optimal values.

We consider that there are no physical reasons for two neighboring
samples to be totally uncorrelated, what is expressed by the correlation
function (Eq. (6)). Correlation length is a scaling parameter controlling
the shape of this correlation function. Correlation of velocity parameters
should not be confused with smoothing. The probabilistic algorithm
whichwe use produces sets of solutionmodels, and correlation acts as a
stack of these models, enhancing the deterministic part relative to the
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 3. Plot of the cost function versus the RMS for values of λ between 1 and 10 for the global (left plot) and local (right plot) grids. The curves show a turning point corresponding to a
minimum of both RMS and Cost function for λ=2 for the global grid and λ=3 for the local grid with λ expressed in units of grid spacing. This corresponds to λ=1000 m horizontally
and 500 m vertically for the global grid and λ=300 m in all directions for the local grid.
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randompart. Datamisfit (RMS) and cost functionboth showaminimum
as a function of the correlation lengthλ (and therefore a turningpoint in
Fig. 3). Thisminimumcorresponds to the optimal correlation length, and
therefore to the optimal velocity model for the chosen standard
deviation. We obtained a minimum of the RMS and cost function for
λ=2 on the global grid and λ=3 on the local grid (Fig. 3) with λ
expressed in units of grid spacing. This corresponds to λ=1000 m
horizontally and 500mvertically for the global grid and λ=300m in all
directions for the local grid.

To control the variability of the different parameters in the
inversion process we assign standard deviations to each of them.
These parameters are namely the velocity of the inversion cells and the
position and the initial time of the earthquakes. RMS and cost function
vary with both standard deviations on the hypocenter location (σh)
and on velocity parameters (σv) (Figs. 4 and 5). We choose for our final
tomographic models the lowest values of these standard deviations
that minimize both RMS and cost functions: σh=8 km and 10 km for
hypocenters respectively in the local and global grid, and σv=5 km/s
for velocity parameters, for both grids. Standard deviationon the origin
time has little influence and is kept to a nominal value of σt=1 s.

5.3. Initial velocity model

The choice of the initial velocity model was done in several steps.
We first made a tomography run on the global grid with the optimal a
Fig. 4. Plot of the cost function and RMS as a function of σh for values of σh between 0.1 and 10
the global grid and σh=8 km for the local grid.

Please cite this article as: Prôno, E., et al., P-wave velocity structure of
between 1996 and 1999, J. Volcanol. Geotherm. Res. (2009), doi:10.1016
priori information parameters, using as an initial model the P-waves
velocity model used for routine location at the OVPF. This model
includes 8 layers with constant velocities (Fig. 6). The run provided a
3D model which we used to define a 1D mean velocity model. This
model was calculated by stacking vertical velocity profiles extracted
from the obtained P-velocity grid. The stacking was done using pro-
files for all nodes in the central part of the grid where the resolution is
the best from -3 km to +3 km in the NS and EW directions. The
obtained mean velocity profile (Fig. 6) shows some notable velocity
anomalies with depth. However to avoid using an unusefully complex
model as a starting 1D model for tomography, we performed a linear
adjustment of the average velocity model with depth, which provides
us a constant-gradient initial model used later in this paper (Fig. 6).

6. Resolution tests

The size of the parameter space is too large to compute directly the
resolution matrix and the uncertainty for each velocity parameter.
Therefore various synthetic tests have been carried out to determine
where the obtained velocity models are well constrained and
therefore which features are reliable. We performed both local scale
(spike) and global scale (checkerboard) tests. Checkerboard tests allow
to represent the spatial extent of interpretable results, and spike tests
are used to estimate the resolution of each velocity parameter in a
limited volume. Each test is carried out in a similar way as a 3-stage
0 km (logarithmic scale). The curves show aminimal plateau that starts at σh=10 km for

Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 5. Plot of the cost function and RMS versus σv for values of σv between 0.5 and 15 km/s. The curves show a minimal plateau that starts at σv=5 km/s for both the global and the
local grid.
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process: (1) a velocity anomaly is added to the final velocity model, (2)
synthetic travel times are calculated in the perturbed model for the
available station/event configuration and (3) the synthetic travel times
are inverted starting from the initial constant-gradient model. The
inversion is carried out using the same inversion and grid settings as
for tomography but keeping the position and origin time of the
sources fixed.

6.1. Checkerboard tests

The checkerboard test is the reconstruction of a checkerboard-like
velocitymodel from the synthetic travel times computed in thismodel.
The reconstruction is successful where the tomographic cells (velocity
parameters) are sampled by enough secant source-stations paths. The
synthetic velocitymodelwas built byapplyingweak, spatially periodic,
positive and negative anomalies of (i) 200-m/s amplitude, 4-kmwave-
length in the volume of the global grid, (ii) 50-m/s amplitude, 2-km
wavelength in the volume of the local grid. Synthetic travel timeswere
computed in these models.

Results of the checkerboard tests show the volume inwhich the ray
path distribution allows the reconstruction of the model (Figs. 7–9)
Fig. 6. One-dimensional velocity models: 8 layer velocity model used as a starting
model for a preliminary tomography run (dashed line), average velocity model
calculated over vertical profiles extracted in the well resolved part of the 3D
tomography model obtained from the preliminary run (black thin line) and linear
regression (thick black line) calculated using the average model. The linear model is
used as a starting model for the tomography run whose results are presented in the
paper.
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and therefore limits the volume of interest depending on the data set
used. Vertical cross-sections of the recomposed checkerboards for the
global and local grids indicate a rather good reconstruction of the
medium along the more or less vertical conduit defined by the seis-
micity below the summit caldera. Away from the conduit the reso-
lution strongly drops, due to the poor ray coverage in those volumes.
Results indicate that the synthetic model may be reconstructed in the
close vicinity of the seismic swarm below the summit from 2 km a.s.l.
To 3.5 km b.s.l. depth (Figs. 7–9). The data mainly allow the reliable
reconstruction of a 1D velocity model below the summit.

6.2. Spike test

The spike test is the reconstruction of one velocity parameter
embedded in an elsewhere homogeneous model. Iterative reproduc-
tion of this test for each velocity parameter of the (limited) volume of
interest, gives a good outline of the resolution matrix in this volume.
The amplitude of the one-parameter velocity variation used in the
present study is +500 m/s. This test was repeated on the global grid
with a one-kilometer spacing on 252 nodes of our volume of interest:
6 nodes NS (35 to 40 km), 6 EW (176 to 181 km) and 7 vertically (−2 to
4 km depth). The amplitude of the restored spikes reaches 70% for the
best resolved node (at 1 a.s.l. depth, below the summit) and decreases
with the distance from the seismic swarm and depth (Fig. 10).

7. Modeling results

7.1. Three dimensional results

We present 3D velocity models obtained for the local and global
grids with the optimal a priori information parameters determined
above for σh, σv, σt and λ. We used 861 events recorded by at least 4
stations, providing 7965 P-wave first arrival times. The tomographic
inversion is started from the 1D velocity model defined previously for
the global grid and the iterative process is stopped after 10 iterations
since no significant reduction of the time residuals is obtained after.
For the local grid, 10 iterations are also processed starting from the 3D
model obtained for the global grid.

The global volume spans 15x20x10 km, that is 3000 km3 sampled
by 52,111 nodes (500-m horizontal, 250-m vertical sampling interval).
This global grid includes at the surface the Enclos Fouqué, the 13 OVPF
seismic stations which we use and the hypocenters of the 861 located
events (Fig. 11). The local volume spans 3x3x8 km, that is 72 km3

sampled by 77,841 nodes (100-m sampling interval). This local volume
includes at the surface the summit craters of the Piton de la Fournaise
(Bory in thewest and Dolomieu in the east) and 4 seismic stations. It is
Piton de la Fournaise volcano deduced from seismic data recorded
/j.jvolgeores.2008.12.009

http://dx.doi.org/10.1016/j.jvolgeores.2008.12.009


Fig. 7. Vertical cross-sections showing results of the checkerboard test for the global grid. Plots A and B show the initial model with velocity perturbations of ±200m/s on 2-kmwide cells.
Plots C andDshowthe result of the tomographic inversionobtainedusing the synthetic travel times computed in theperturbedmodel. Cross-sections aremade at1500mwestof the center
for the north-south section (A and C) and 1500 m south of the center for the west-east section (B and C)).

Fig. 8. Vertical cross-sections showing results of the checkerboard test for the local grid. Plots A and C show the initial model with velocity perturbations of ±50 m/s on 1-km wide
cells. Plots B and D show the results of the tomographic inversion obtained using the synthetic travel times computed in the perturbedmodel. Cross-sections aremade at the center of
this grid, that is 1500mwest of the center of the global grid for the north-south section (A and B) and 1500m south of the center of the global grid for thewest-east section (C and D)).
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Fig. 9. Horizontal sections of the checkerboard test for the local grid. Plot A shows the initial model with perturbations of ±50 m/s on 1-kmwide cells. Plot B shows the result of the
tomographic inversion of synthetic travel times computed for the perturbed model. Cross-sections are made every 1-km depth from 1.5 km a.s.l. to 3.5 km b.s.l.
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approximately centered on the seismic swarms (Fig.12). Checkerboard
and spike tests indicate that in both volumes the model is mostly well
resolved in the vicinity of the earthquake swarms between 2.0 km a.s.l.
and 3.5 km b.s.l.

Models are found to be stable as similar results are obtained for
various inversion parameters chosen in the vicinity of the optimal
parameters. Figs. 11 and 12 show horizontal and vertical cross-
sections of the obtained 3D velocity models for the global and local
grids, with cells not sampled by any ray shown in lighter colors. They
outline remarkable systematic features indicating a relatively
complex structure whose main features are as follows. (1) Between
the topographical surface and 1 km a.s.l., a high velocity volume
(4.0 km/s) is observed below the central craters surrounded by lower
(3.2 km/s) velocity terranes (Fig. 12C). These features have been
previously observed by Nercessian et al. (1996). Fig. 12A suggests a
continuation of this anomaly north of Dolomieu where the velocity is
maximum (up to 4.3 km/s) and a general NS extension of the
anomaly. (2) Below this volume, between 1 km a.s.l. and sea level a
relatively low velocity area is observed in which most of the
seismicity above sea level occurs. This low velocity volume was
also identified by Nercessian et al. (1996) who could not, however,
identify the lateral and lower boundaries. Our results suggest that
the lateral extent of this layer appears to be greater than that of the
high velocity anomaly situated above and that its lower boundary is
found at sea level. (3) Sea level corresponds to an area of rapid
velocity transition in the vertical direction particularly clear in the
Please cite this article as: Prôno, E., et al., P-wave velocity structure of
between 1996 and 1999, J. Volcanol. Geotherm. Res. (2009), doi:10.1016
EW vertical cross-section of Fig. 12. A layer at about 3.8 km/s with a
thickness of about 500 m is observed at that depth. Sea level also
corresponds to a level of low seismicity as well as to an interface in
the migration of the seismicity during the March 8–9, 1998 pre-
eruptive crisis (Battaglia et al., 2005). (4) Below sea level, between 1
and 2 km b.s.l., a low velocity zone is observed at about 4.0 km/s. This
zone of 1 km in diameter is limited to the south and west by the main
swarm of earthquakes. It is at 1.5 km south and west of the center of
the grid, in a zone of lower seismicity (between 1.5 and 2.0 km b.s.l.).
Fig. 12A, outlines a SW-NE extension of the anomaly, similar to the
extension of the hypocenters located during the 1998 swarm around
1 km b.s.l.

7.2. Variability of the 1D mean velocity model

An important information provided by our tomographic inversion
is the vertical variation of the velocity as a function of depth below the
summit caldera. Therefore to examine the dependence of the obtained
models upon the inversion parameters, we processed 18 tomographic
runs using different values for the inversion parameters chosen in the
vicinity of the optimal parameters: λ equal to 2 and 3 grid nodes
(physical value depends on local or global grid and direction), σh equal
to 3 km , 5 km and 8 km and σv equal to 3 km/s, 5 km/s and 7 km/s. All
runs started fromthe same1D linear velocitymodel definedpreviously
and include 10 iterations on the global grid followedby10 iterations on
the local one. For this rangeof parameters, RMSand cost functions have
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig.10.Horizontal sections showing the restitution of spike tests at different locations of the global grid. Results are represented as vertical anomaly profiles plotted at the nodewhere
the anomaly was introduced. The introduced anomalies are represented as thin black lines, the reconstructed anomalies are in red. Spikes are scaled to avoid overlapping.
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comparable values ranging respectively from 0.039 s to 0.042 s and
from 13.164 to 15.066. For each tomographic run the mean vertical
profile is calculated over all the nodes of the local grid.

All final meanmodels show similar variations. Results presented in
Fig. 13 show the average profile, calculated over the 18 mean vertical
profiles corresponding to each combination of parameters, and its
standard deviation, as well as envelopes of the highest and lowest
velocities obtained for each depth. The variability of the results is
higher close to the surface and at depthwhere the obtainedmodels are
less constrained. Fig.13 exhibits stable and clear average features of the
velocity model just below the summit caldera. Below the high velocity
superficial levels (1.5–2.5 km a.s.l.), a clear (−10 to −15%) low velocity
volume appears at 0–1 km a.s.l.. These low velocities are evidenced in
well-resolved volumes (Figs. 8–10) and are therefore reliable features
Please cite this article as: Prôno, E., et al., P-wave velocity structure of
between 1996 and 1999, J. Volcanol. Geotherm. Res. (2009), doi:10.1016
of the model. This low velocity volume is remarkable since such zones
are often difficult to image using first-arrival travel time tomography.
This result has been made possible by the favorable distribution of
earthquakes along the magma conduit, and the presence of seismic
stations immediately in and around the summit caldera.

At the sea level, the P-wave seismic velocity strongly increases and
jumps from 3.3 km/s at 0.5 km a.s.l. to 4.2 km/s at 1 km b.s.l.. Below
1.5–2. km b.s.l., the velocity is in average ~5% lower than the corre-
sponding velocity in the initial model.

7.3. Earthquake locations

The earthquakes relocated in the 3D velocity structure are gen-
erally more clustered as compared to the original locations. Above
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 11. 2D sections of the P-wave velocity model obtained for the global grid. Plot A shows horizontal sections extracted every kilometer: black points indicate the seismic hypocenters located at ±500 m from the depth of the section, white
triangles in the first map indicate the location of the seismic stations, dotted lines are the location of the vertical cross-sections. Spatial coordinates are in Gauss-Laborde kilometric scale. Plot B shows the north-south vertical section and plot C
the west-east section close to the principal seismic swarm. Black points indicate all the hypocenters contained in the global grid.
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sea level, they outline an interesting feature as the hypocenters
align along two planar features with almost EW orientations,
roughly parallel to the north and south borders of Dolomieu. These
are located between 0.2 and 1.2 km a.s.l., below the Dolomieu
crater and the central high velocity plug. They occur in a layer with
a relatively low velocity particularly apparent in Fig. 13 as its lateral
spreading is wide. The presence of such planar patterns was
already identified by Sapin et al. (1996) for the period between
1985 and 1988. Our results indicate that this pattern is persistent
with time.

8. Discussion

Our results show that P-wave velocity increases with depth from
about 3.2 km/s at the top of the Piton de la Fournaise to 5.3 km/s at
6 km b.s.l. (Fig. 11). However, the velocity gradient is far from being
constant as indicated by average velocity models in Figs. 13 and 3D
velocity plots in Figs. 11 and 12 which outline the presence of several
clear velocity anomalies.

Above 1 km a.s.l., the high velocity volume surrounded by low
velocity terranes evidenced by our results may be interpreted as
high-velocity, dense intrusive magma cooled at depth and forming a
plug, surrounded by extrusive, light lava flows. This plug was
formerly found by Nercessian et al. (1996) from travel-time
tomography using earthquake data recorded by OVPF from 1985 to
1989. High-velocity intrusive magma cores located below eruptive
centers are common in basaltic volcanoes (see, e.g., Kilauea volcano).
The spatial extent of the observed anomaly is in good agreement
with that of the very high amplitude self-potential anomaly
observed below the summit area (Lénat et al., 2000). It is also
correlated with a negative gravity anomaly observed andmodeled by
Gailler et al. (this volume).

Identifying low-velocity volumes below these eruptive centers is
less common using travel-time tomography, as first arrivals propagate
in the fast cores rather than in the low-velocity zones. Low-velocity
zones are therefore less well resolved and velocity estimates are
majored. Our earthquake data sample quite homogeneously the
volume surrounding the probable magma conduit from 2 km a.s.l. to
4 km b.s.l., and allow to reconstruct properly themodel between these
limits according to synthetic resolution tests. We can therefore expect
Fig. 13. Average 1Dvelocitymodel below the summit caldera calculatedovermeanmodels
corresponding to 18 combinations of the inversionparameters chosen in the vicinity of the
optimal parameters. For each of the 18 combinations, the 3Dmodel for the local grid have
beenaveragedoverall nodes toobtainmeanvelocity profiles. The 18 resultingprofiles have
been stacked to obtain the averagemodel (thick black line) as well as the extrememodels
(black lines with diamonds) and models corresponding to the standard deviation (thin
black lines). The linear initial velocity model is also presented in black color.
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that at least the sign of the velocity perturbations is properly retrieved
in this depth range. For these reasons, we think that both low-velocity
zones (0–1 km a.s.l., 1–2 km b.s.l.) evidenced by our results are
significant. Such low-velocity zones located in high-velocity cores in
the vicinity of the magma conduit may be interpreted as the evidence
of fluid magma storage at these depths.

Magma storage is thought to occur close to the surface at Piton de
la Fournaise volcano according to surface deformations and partial
collapses in Dolomieu crater. The occurrence of such small scale
collapses like those in 1986 or 2002 may indicate that the storage
system includes a significant number of shallow units, for example
small pockets (sills or dykes) of magma (Lénat and Bachèlery, 1990) or
temporary storages inweak zones (Longpré et al., 2007). Such pockets
could be located above a larger storage system which may be at the
origin of the collapse ofmost of the Dolomieu craterwhich occurred in
April 2007. The small frequently observed eruptions that provoke only
a superficial seismicity may indicate the partial draining of one or
more of these superficial pockets located above sea level, possibly
caused by some overpressure in a larger fluid storage system situated
below (Sapin et al., 1996). Our results suggest that the small pockets
are probably embedded in the high velocity plug while the larger
storage systemmay correspond to one of the velocity zones evidenced
below.

The distribution of earthquake hypocenters located between the
sea level and the summit evokes the spatial “V” pattern with 2
divergent northward and southward branches (Fig. 12B) observed
previously by Sapin et al. (1996) from the location of volcano-tectonic
earthquakes recorded between 1985 and 1988. Earthquakes used in
our study, which were recorded between 1996 and 1999, show a
similar distribution, and confirm that this distribution is a long-lasting
feature of the volcano. These branches were interpreted as due to the
stress field associated with a magma chamber located below sea level.
We note that according to our results these branches are situated in the
low velocity zone found between 0 and 1 km a.s.l. and above a second
low velocity zone found about 1–2 km b.s.l.. The two branches appear
as possible fault planes for a downward sliding of the high velocity plug
leading to the 2007 collapse of Dolomieu.

At sea level, our results reveal an increase in the vertical velocity
gradient as P-wave velocity strongly jumps from3.3 to 4.3 km/swithin
1 km (Fig. 13). This level presents an average velocity of 3.8 km/s. It
coincides with a low seismicity zone considered as a major geologic
discontinuity (Battaglia et al., 2005). This discontinuity, located less
than 3 km under the surface, corresponds to the position of sub-aerial
lavas emitted at the beginning of the emergence of the volcano. At this
level hyaloclastites and hardened deltae of lava have been evidenced
(Oehler et al., 2005).

A second low velocity volume is located below the summit, at 1–
2 km depth b.s.l.. This volume may be interpreted as a zone of magma
storage and its depth roughly corresponds to a level of neutral buoyancy
for basaltic volcanoes where the density of the magma corresponds to
thedensityof the surrounding solid rocks (Tilling andDvorak,1993). The
volume is also centered at a depth (1.5 km b.s.l.) which corresponds to a
zone of lower seismicity (Battaglia et al., 2005). At this depth, a cluster of
earthquakes was observed below station Tcr on the northern border of
the low velocity zone during the 1998 pre-eruptive swarm as well as
during the preceding months. This cluster, which is situated away from
the main path described by the 1998 pre-eruptive hypocenters may
therefore correspond to fracturation on the side of this deeper storage
volume andmay be related to its over-pressurization during and before
the 1998 swarm. The 1998 eruption was characterized by seismicity
above and below this volume prior to its onset. The rare observation of
seismicity at that depth may indicate that shallower reservoirs are only
periodically refilled by such deeper reservoirs as suggested by Lénat and
Bachèlery (1990). The eruptions considered as exceptional from their
durationor their volume (1977,1998, 2007) canhavebeen fedbymagma
from this chamber located 1–2 kmb.s.l. and from deeper reservoirs. The
Piton de la Fournaise volcano deduced from seismic data recorded
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Fig. 14. Schematic interpretation of the tomographic results obtained using volcano-tectonic earthquakes recorded between 1996 and 1999 (modified from Lénat and Bachèlery, 1990).
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different results discussed above can be summarize by the schematic
figure presented in Fig. 14.

9. Conclusions

The objective of this work was to obtain information on the
internal structure of the Piton de la Fournaise. For this purpose we
proceeded with an earthquake first arrival tomographic study based
on seismic data recorded by the OVPF between 1996 and 1999. Our
data set included a large proportion of events located below sea level
providing the opportunity to illuminate deeper structures as com-
pared to previous tomographic works at Piton de la Fournaise.

Our study provides a P-wave velocity model which outlines several
characteristic features. Synthetic tests indicate that because of the
earthquake/station distribution, the final model is well resolved mostly
in the vicinity of the path defined by the hypocenters and that the
resolution quickly drops when going away from this path. However, the
features outlined along the path appear to be stable and indicate a
complex magmatic system.

The structure below the summit and above sea level appears to be
composed at shallow depth of a high velocity plug surrounded by a
lower velocity ring. This is interpreted as corresponding to an intrusive,
solidified dyke-and-sill complex with little fluid magma storage.
However, the presence of small fluid pockets in this volume is attested
by the small pit craters which form occasionally in Dolomieu crater.
Below the high velocity plug and above sea level, a low velocity volume
is found, with a large part of the shallow seismicity located in it. This
Please cite this article as: Prôno, E., et al., P-wave velocity structure of
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seismicity describes a V-shaped pattern with two branches having a
main east–west extension, well correlated with the southern and
northern borders of Dolomieu crater. The low velocity zone is limited at
its bottom by an area of strong vertical velocity gradient which is found
at sea level. Our tomographic results confirm that a major interface in
the volcanic structure is located at sea level as already suggested by the
spatio-temporal distribution of the seismicity preceding the March
1998 eruption. Below sea level, about 1–2 kmb.s.l., a second zone of low
velocity is observed with a low seismicity zone in its center. This could
correspond to a volume of magma storage that may feed the major
eruptions of the Piton de la Fournaise volcano.
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